A statistically significant reduction in Antarctic Bottom Water (AABW) volume is quantified between the 1980s and 2000s within the Southern Ocean and along the bottom-most, southern branches of the meridional overturning circulation (MOC). AABW has warmed globally during that time, contributing roughly 10% of the recent total ocean heat uptake. This warming implies a global-scale contraction of AABW. Rates of change in AABW-related circulation are estimated in most of the world's deep-ocean basins by finding average rates of volume loss or gain below cold, deep potential temperature (u) surfaces using all available repeated hydrographic sections. The Southern Ocean is losing water below u 5 08C at a rate of 28.2 (62.6) 3 10 6 m 3 s 21 . This bottom water contraction causes a descent of potential isotherms throughout much of the water column until a near-surface recovery, apparently through a southward surge of Circumpolar Deep Water from the north. To the north, smaller losses of bottom waters are seen along three of the four main northward outflow routes of AABW. Volume and heat budgets below deep, cold u surfaces within the Brazil and Pacific basins are not in steady state. The observed changes in volume and heat of the coldest waters within these basins could be accounted for by small decreases to the volume transport or small increases to u of their inflows, or fractional increases in deep mixing. The budget calculations and global contraction pattern are consistent with a global-scale slowdown of the bottom, southern limb of the MOC.
Introduction
The meridional overturning circulation (MOC) may play a significant role in climate change (e.g., Meehl et al. 2006) , and the deep ocean plays a significant role in ocean heat storage (Levitus et al. 2005; Purkey and Johnson 2010) . The strength of the MOC determines the ability of the deep ocean to absorb and store anthropogenic heat and carbon (e.g., Sigman and Boyle 2000; Russell et al. 2006) . While the MOC has often been considered to be in steady state in recent decades, rates of deep and bottom water production and circulation were dramatically different during the Last Glacial Maximum, and changes in the MOC have been linked to periods of rapid climate change (e.g., Clark et al. 2002; Lynch-Stieglitz et al. 2007) . Models suggest the MOC will slow under global warming scenarios, possibly producing large regional variations in surface temperatures (Solomon et al. 2007 ). Furthermore, climate models differ widely in their projections of how much heat the deep ocean will absorb under global warming, causing a large spread in future climate projections (Boe et al. 2009 ).
Cold, dense water formed at high latitudes feeds the deep and bottom limbs of the MOC (Lumpkin and Speer 2007) . North Atlantic Deep Water (NADW) is a combination of water masses formed in the Labrador and the Nordic seas (LeBel et al. 2008) . NADW travels south at depth until it enters the Antarctic Circumpolar Current (ACC) and rises, as seen by the distinct signature of warm, salty water at mid and upper depths (Orsi et al. 1995; . In the Southern Hemisphere, the densest bottom water, Antarctic Bottom Water (AABW) , that underlies NADW is also a mixture of water masses and is formed in at least three locations along the Antarctic continental shelf (Orsi et al. 1999) . At each location, physical mechanisms including ice * Pacific Marine Environmental Laboratory Contribution Number 3771.
formation, surface cooling, and mixing with ambient water as it cascades down the continental slope (Foster and Carmack 1976 ) create a distinct variety of AABW. Each AABW variety enters the lower ACC, further mixing with overlying water, and leaves the Southern Ocean as a slightly less dense water mass (Orsi et al. 1999) , here still referred to as AABW. AABW flows north, filling the deepest portions of the Pacific, Indian, and western Atlantic oceans .
The bottom, southern limb of the MOC transports roughly 20 Sv (1 Sv [ 10 6 m 3 s
21
) northward out of the Southern Ocean (Lumpkin and Speer 2007) , primarily in four deep western boundary currents (DWBCs; Fig. 1 ). Chlorofluorocarbon-11 (CFC-11) inventories confirm that true AABW and other warmer, lighter water masses formed in the Southern Ocean contribute about 21 Sv to this MOC limb (Orsi et al. 2002) . Inverse models estimate northward transports of AABW into the Pacific, Atlantic, and Indian Oceans from 7-11, 5-6, and 8-10 Sv, respectively, although definitions of AABW density and the location of the Southern Ocean boundary vary slightly among studies (Ganachaud and Wunsch 2000; Sloyan and Rintoul 2001; Lumpkin and Speer 2007) . Velocity measurements within DWBCs along the Kerguelen Plateau in the Indian Ocean and north of the Falkland Plateau in the Atlantic Ocean imply northward transports of ;8 Sv of water for potential temperature u # 0.28C in each but with high temporal variability (Whitworth et al. 1991; Fukamachi et al. 2010 ). In the Pacific, velocity measurements at 328S have shown the DWBC to transport 15.8 (69.2) Sv of bottom and deep waters, mostly of southern origin, northward (Whitworth et al. 1999) .
Numerous studies have shown that the Southern Ocean has warmed significantly throughout the water column. The upper 1000 m of the Southern Ocean has warmed faster than the upper-ocean global mean rate between the 1950s and 2000s (Gille 2002; 2008; Bö ning et al. 2008 ). Below 1000 m, the deep ocean has warmed by ;0.038C decade 21 south of the Subantarctic Front between the 1980s and 2000s (Purkey and Johnson 2010) . In addition, previous studies have shown property changes in AABW and its components near its source regions. In the Weddell Gyre, Warm Deep Water (WDW), Weddell Sea Deep Water (WSDW), and Weddell Sea Bottom Water (WSBW) have all exhibited warming trends since 1990, although, more recently, WDW has fluctuated between warming and cooling (Robertson et al. 2002; Fahrbach et al. 2004 Fahrbach et al. , 2011 . In addition, glacier melt has freshened shelf water near the deep-water formation regions in the Weddell Sea (Hellmer et al. 2011 ). In the Ross Sea, shelf water and bottom water have freshened over the past 50 years (Jacobs and Comiso 1997; Jacobs and Giulivi 2010) . Finally, bottom waters off the Adelie Coast have cooled and freshened on isopycnals between the mid-1990s and mid-2000s (Aoki et al. 2005; Rintoul 2007; Johnson et al. 2008a; Jacobs and Giulivi 2010) .
Warming of AABW has also occurred along its spreading paths outside of the Southern Ocean (Purkey and Johnson 2010; Kouketsu et al. 2011) . Regional studies within the Scotia Sea, Brazil basin, Argentine basin, Australian-Antarctic basin, Pacific basin, and Southwest Pacific basin have all shown significant warming of AABW over the past few decades (Coles et al. 1996; Fukasawa et al. 2004; Johnson and Doney 2006; Kawano et al. 2006 Kawano et al. , 2010 Johnson et al. 2007 Johnson et al. , 2008a Zenk and Morozov 2007; Meredith et al. 2008) . On average, the deep ocean below 4000 m has absorbed ;0.03 W m
22
(expressed as a flux over the entire surface area of Earth) between the 1980s and 2000s with stronger warming near the source regions (Purkey and Johnson 2010) . The deep-ocean heat uptake, which is often neglected in heat and sea level rise budgets, is important in quantifying earth's net energy imbalance (e.g., Willis et al. 2008; Church et al. 2011) . In climate models, periods of decreased upper-ocean heat uptake (and pauses in global average surface warming) are characterized by increases in deep-ocean heat uptake (Meehl et al. 2011) , further emphasizing the importance of accurately quantifying total ocean heat uptake, not just the upper few hundred meters.
It is difficult to quantify past effects of global warming on the MOC strength directly owing to a lack of the data needed to determine its historical strength and natural variability (Kanzow et al. 2007) . Using data from multiple occupations of a single zonal hydrographic section across the North Atlantic, Bryden et al. (2005) found a 30% reduction in the upper, northern limb of the MOC from 1957 to 2003. However, mooring array data later showed short-term variability to be larger than the previously reported long-term trend from the temporally sparse section data, calling the previous results into question (Cunningham et al. 2007) . Using the western halves of most of the occupations of this same section, a decrease in transport in the bottom, southern limb of the MOC carrying AABW northward into the North Atlantic has been reported from 1983 to 2003 (Johnson et al. 2008b) , with evidence of a partial rebound in 2010 (Frajka-Williams et al. 2011) . While this limb of the MOC may exhibit less temporal variability so far from its source, these transport estimates were still made using geostrophic shear and relying upon an inferred level of no motion. Similarly, a decreasing trend in northward bottom water transport across 248N in the Pacific has been suggested between 1985 (Kouketsu et al. 2009 ).
However, deep warming signals on pressure surfaces also imply deepening potential isotherms-changes in the vertical distribution of water masses through the water column (Kouketsu et al. 2009 (Kouketsu et al. , 2011 Masuda et al. 2010) . These changes have been attributed to a decrease in bottom water export from the Southern Ocean into deep-ocean basins (Masuda et al. 2010; Kouketsu et al. 2011 ) and thus could be a signal of a slowdown in the bottom limb of the MOC. Indeed, Kouketsu et al. (2011) found decreases in northward flowing water below 3500 m across 358S in the Pacific and western Atlantic between the 1990s and 2000s in a data assimilation that includes the deep warming signals.
Here we estimate changes in the bottom, southern limb of the MOC globally using 32 repeated oceanographic sections (hereafter sections), with a total of 145 occupations between 1981 and 2011, by calculating the increase or decrease in volume below multiple deep potential temperature (u) surfaces. The sections are grouped within and averaged over each measured deepocean basin. We use the rates of change in volumes of these cold, dense waters to infer changes in the deep and bottom circulation. While the difference of a section occupied twice may still be subject to short-term variability, the calculation of rates, often over multiple occupations, together with the estimation of means from multiple sections within a basin, usually creates a statistically significant result. This technique allows more robust estimates of changes in the MOC than those derived from geostrophic transport estimates across a single transoceanic hydrographic section.
Data
The data used for this study are from an assembly of 32 full-depth, high-quality, and ship-based hydrographic sections that have been occupied two or more times between 1981 and 2011 (Fig. 1) . The dataset is comprised of the publicly available conductivity-temperaturedepth (CTD) instrument data (available online at http:// cchdo.ucsd.edu/) as of September 2011, collected either through the World Ocean Circulation Experiment (WOCE) hydrographic program or the Global ShipBased Hydrographic Investigations Program (GO-SHIP) in support of the Climate Variability (CLIVAR) and carbon cycle science programs. Data along sections were collected at stations nominally spaced at 55 km. Each station includes a vertical profile of temperature, salinity, and pressure from the surface to a depth of 10-20 m from the bottom. Accuracy of temperature, salinity, and pressure are nominally 0.0028C, 0.002 PSS-78, and 3 dbar, respectively (Joyce 1991) . Most of the deep-ocean basins are crossed by at least one section (Fig. 1) . The time and number of occupations varies among sections, but the mean time difference between the first and last occupation for all sections considered here is 14.5 years with the mean first occupation occurring in 1991 and the mean last in 2006. For the three southernmost basins (Fig. 1) , the mean time difference is 13.9 years with the mean first occupation in 1993 and the mean last in 2006. Prior to analysis, the data are screened so only data with good quality flags are used. In addition, only occupations deemed sufficiently close (in space) to prior occupations along a given section are used (see Purkey and Johnson 2010 for details) .
A full description of the temporal and spatial distribution of the bulk of data used here can be found in Purkey and Johnson (2010) . Four new sections and seven new occupations of previously used sections have become available since the publication of Purkey and Johnson (2010) and are added to the dataset they used for this analysis. The new sections, identified by their WOCE designators, include the following: P09 running along 1378E between 108 and 308N with occupations in 1994 and S4P running along 678S between 1708E and 708W occupied in 1992 SR01 running along 658W between 578 and 638S occupied in 1993 SR01 running along 658W between 578 and 638S occupied in , 1994 SR01 running along 658W between 578 and 638S occupied in , 1996 SR01 running along 658W between 578 and 638S occupied in , and 1997 ; and I02/IR06 running roughly along 88S between 948 and 1068E and then diagonally between 98S, 1068E and 248S, 1118E occupied in 1995 and 2000 (Fig. 1) . Additional occupations of existing sections previously used include the following: the 1983 occupations of A20 and A22, the 2005 occupation of A12, the 1992 and 2005 occupations of SR04, the 2008 occupation of SR03, and the 2011 partial occupation of A16. All new sections are screened and gridded for use following Purkey and Johnson (2010) .
Volumetric rate of change analysis
Along many sections, a visible rising or sinking of potential isotherms can be observed between occupations, especially in the Southern Ocean (e.g., Fig. 2 ). Except within temperature inversions, areas of sinking isotherms are correlated with areas of warming on isobars (and areas of rising with cooling). Similarly, the sinking of an isotherm within a basin implies a loss of water below that u (Fig. 2) , and the rising implies a gain. For example, both occupations of a meridional section across the Australian-Antarctic basin reveal cold AABW cascading down the continental shelf into the deep ocean on the southern side of the basin (Fig. 2a) . However, the coldest deep isotherms (u # 20.28C) across this basin systematically fall with time between occupations, implying a volumetric loss of these deep and bottom waters. By u 5 0.28C the isotherms are centered around similar depths for both occupations, implying an increase with time in the volume of water within 20.28 # u # 0.28C that compensates for the contraction of the coldest waters near the bottom, at least in this particular section.
To quantify the loss or gain of water as a function of u, we first calculate the depth of the isotherms for each occupation along each section. We analyze 811 u surfaces, referred to as the u grid, ranging from 22.28 to 328C with a spacing of 0.018C below 38C and a spacing of 0.18C above 38C. For each occupation at each location along a section, the u-pressure profile is converted to a u-depth profile and linearly interpolated onto the u grid. Any u inversions starting from the bottom up are masked over; in other words, the depth of each u is defined as the deepest depth at which that u is found. This convention means that upper-water column u minimums (inversions) are not included in this analysis.
The sections are apportioned to the 33 deep basins they cross. The basin boundaries follow the bottom topography and are mostly isolated by at least the 3000-m isobath (Fig. 1; Smith and Sandwell 1997) . The basin boundaries are those used in Purkey and Johnson (2010) except that their Amundsen-Bellingshausen basin (ABB) has been subdivided into the ABB and the Scotia Sea here (Fig. 1) . Most of the major deep-ocean basins are crossed by at least one repeat section ( Fig. 1) , with the exceptions of the Arabian Sea and Somali basin, where no repeat sections are available owing to recent piracy-related safety concerns.
Along each section, within a given basin, the mean rate of change in height above the bottom (›h/›t), its standard deviation (s ›h/›t ), and total degrees of freedom (DOF) are calculated for all values of the u grid. The height (h) is the difference between the potential isotherm depth (d i ) and that of the sea floor (d b ; Smith and Sandwell 1997; Fig. 3a) . The quantity ›h/›t is found from the slope of a least squares linear fit of the isotherm heights to their dates of occupation (e.g., Fig. 3b ). The DOF are computed as the horizontal length of the section sampled for ›h/›t for a given isotherm divided by a horizontal decorrelation scale for deep-ocean u of 163 km estimated by Purkey and Johnson (2010) . Sampled regions isolated by topography over a distance less than the decorrelation length scale and separated from adjacent sampled regions by distances more than the decorrelation length scale are assumed to be statistically independent and add one DOF.
Two screening criteria are applied to mask out regions with insufficient spatial or temporal coverage. First, if the time between the first and last occupation is less than 2.5 years, ›h/›t is discarded. Second, if the sum of the area covered by a given u along a section is less than 111 km, ›h/›t is not used. Isotherms sampled for less than 111 km are likely based on data from two or fewer CTD stations, making their mean depth unreliable. This criterion eliminates the coldest, deepest isotherms in many basins (such as the coldest AABW water cascading down over the Antarctic continental shelf and slope), but it ensures that we are looking at robust, basinscale means, which are the focus of this paper.
The ›h/›t, s ›h/›t , and DOF along all sections within a given basin are used to compute the basin-mean ›h/›t, ›h/›t bsn , and its uncertainty for each u value. If there is only one section crossing the basin, the ›h/›t for that section is assumed to represent the whole basin. If there are multiple sections crossing a given basin, a lengthweighted average is found using the horizontal length occupied by each u on each section as its weight. The standard error is calculated by dividing the standard deviation by the square root of the DOF, and then a length-weighted average of the standard errors is found. The total DOF for the basin is the sum of the DOF associated with each u for all sections within the basin. In addition to the basin variability, the 3 dbar and 0.0028C measurement accuracy of the CTD pressure and temperature sensors translate to a 12-m uncertainty at most in isotherm depths for any given cruise. This instrumental uncertainty is neglected hereafter because it is very small compared to that arising from natural variability (e.g., Fig. 2) .
Finally, the ›h/›t bsn is scaled to a rate of change in volume (DV) within the basin using climatological data (Gouretski and Koltermann 2004 ; e.g., Fig. 3c ). The climatological dataset has a half-degree horizontal resolution with 45 depths. At each location u is calculated from salinity, temperature, and depth data. Each profile is interpolated onto a 20-m vertical grid using a piecewise cubic Hermite interpolation and linearly interpolated onto the u grid following the same method described above. The climatological data are divided into the 33 basins. For each basin, the total surface area covered by each u is calculated. The ›h/›t bsn and associated standard error for each basin are converted to DV within that basin by multiplying by the corresponding climatological surface area. Two-sided 95% confidence intervals are estimated from Student's t distribution using the standard errors and total DOF.
The result is a profile of DV versus u with 95% confidence intervals for each of the 27 basins with data (e.g., Fig. 4) . Negative values of DV indicate a contraction of water below the associated potential isotherm, zero indicates no change, and positive indicates net gain. When water is lost between successively warmer isotherms, the DV curves have a negative slope. Vertical portions of the curves indicate no additional loss of water between isotherms, but also no recovery. A positive slope indicates an increase in the amount of water between successively warmer isotherms. The error estimate reflects both the variability across sections and the number of data points. If a given u is not well sampled, its associated error will be large. The surface area of each isotherm scales both its DV and the associated error. For example, the 95% confidence interval around the Weddell-Enderby basin (WEB) DV curve (Fig. 4a ) narrows with increasing depth (decreasing u) since the total basin volume below a given isotherm decreases with decreasing temperature. In contrast, the ›h/›t bsn and associated error for the WEB does not (Fig. 5) .
Southernmost basin changes
The DV profiles of the three southernmost basins (Fig.  1) all show a remarkably similar pattern ( Fig. 4 ; orange curves). Each reveals a loss of volume, ranging from 21.6 to 23.6 Sv, within the coldest ;0.58C of the water column and a recovery from the bottom water contraction within the u classes of the Circumpolar Deep Water (CDW).
In the WEB (Fig. 1 ) of the South Atlantic Ocean, a contraction of bottom water is found for u , 20.558C, with a maximum value of 23.6 (62.0) Sv (Fig. 4a ). This rate of change in volume is equivalent to a mean isotherm fall rate of ;15 m yr 21 (not shown). Within error bars, this maximum value of DV aligns with the 20.78C boundary between WSBW and WSDW (Carmack and Foster 1975; Orsi et al. 1993) and is found roughly 1000-2000 m above the bottom of the basin. Above the WSBW, we find no significant gain or loss of WSDW for 20.78 , u , 08C (Fig. 4a) . The bottom water contraction is compensated higher in the water column by an increase in the volume of water with 0.258 , u , 0.58C. This water is found shallower than 1000 m, where a tongue of lower CDW rises to the south in the ACC as it enters the basin from the north. The DV curve for the basin suggests a southward surge of CDW into the region.
Is there a discernible regional pattern of AABW contraction within the WEB? The WEB DV curve contains data from three sections: the zonal section SR04 cutting across the Weddell Gyre at approximately 658S, the meridional section A12 running along the Greenwich Meridian, and the meridional section I06 running along 308E (Fig. 1) . That all three sections show a negative ›h/›t for u , 08C and overlap among their 95% confidence intervals indicates an overall consistency of vertical isotherm motions across the basin (Fig. 5) . Error is reduced in the mean compared to the individual sections owing to the increase in DOF.
Bumps and wiggles in the mean curves have to be considered in the context of their associated uncertainties. Most sections in the southern basins exhibit a large contraction of water in their coldest temperature class, causing a negative bulge in the mean curve at that potential temperature. The location of the section determines this value, and it does not necessarily represent the overall volume rate of change of the basin. The bulge at u 5 20.828C in the WEB (Figs. 4 and 5) is an example. This bulge is not outside the confidence limits of the rates given for the u values above and below (Fig. 4) . Thus the u of maximum volume loss in each basin effectively has uncertainties determined by the confidence intervals for DV around that u. For example, above we assert u 5 20.558C exhibits maximum volume loss within the WEB. But because the contraction rate at u 5 20.558C is somewhere between 5.8 and 1.8 Sv, this is only an estimate of the isotherm-at 95% confidence the real value lies somewhere from 0.68 . u . 20.78C (Fig. 4a) .
The Australian-Antarctic basin of the South Indian Ocean (Fig. 1) , fed by WSBW, Adelie Land Bottom Water (ALBW; Mantyla and Reid 1995) , and Ross Sea Bottom Water (RSBW), shows a loss of 22.2 (61.1) Sv of water with u , 08C (Fig. 4b ), equivalent to a mean isotherm fall rate of 14 m yr
21
. The mean DV curve does not show a full recovery from the bottom water contraction until u 5 2.58C, although the curve is not significantly different from zero for u $ 0.58C. These increasing volumes of warmer temperatures suggest a surge of upper CDW from the north is replacing the bottom water losses.
In the ABB of the South Pacific Ocean (Fig. 1) , a maximum loss of 21.1 (60.3) Sv of water colder than 08C is found (Fig. 4c ), equivalent to a mean fall rate of 13 m yr
, a pattern similar to that for the AustralianAntarctic basin (Fig. 4b) . Water colder than 08C is within the temperature range of AABW produced in the Ross Sea, RSBW, previously characterized by salinities .34.7 and u , 08C (Jacobs et al. 1970) . The ABB exhibits a more diffuse recovery from the bottom water contraction than the WEB; in the former the DV curve increases slowly between 0 and 1.58C. Water with u ; 1.58C is upper CDW, found around 1000-m depth in the ABB. Our results suggest an influx of upper CDW from the north in the ABB. 
Changes along the northward paths of AABW
AABW spreads north, primarily along four main DWBCs, out of the Southern Ocean (Fig. 1) , filling the bottom-most reaches of most of the world's deep basins Lumpkin and Speer 2007) . The Southern Ocean retains a large reservoir of AABW (Fig. 6) as deep ridges restrict its northward transport, their sills limiting the density (and cold temperature) of water that continues north (Orsi et al. 1999; . The temperature of outflowing waters should be warmed by the observed descent of isotherms in the southern basins, provided they fall at sills. The DV curves reveal a clear pattern of decreased AABW volume transport to the north along three of the four main DWBCs leaving the Southern Ocean (Fig. 4) . In each case, the u class below which the contraction is observed increases to the north because of the mixing along the path and, presumably, isotherms sinking with time at the sills.
In the west Atlantic, the basins directly to the north of the WEB along the DWBC of AABW show a volume loss within the AABW (Fig. 4a) . Water as cold as u 5 20.68C leaves the WEB ( warmed by roughly 0.078C over the past ;20 years. This hypothesis is supported by the DV curves in the Scotia Sea and Argentine basin to the north.
The Scotia Sea exhibits at most a small and highly uncertain volume loss of 20.4 (62.1) Sv below 0.28C. The Scotia Sea is crossed by two meridional sections: A16 and S01. A16 shows a large ;30 m yr 21 descent of isotherms between 20.58 and 0.58C, consistent with the isotherm descent observed in the WEB. However, S01, located farther to the west, shows a rising of isotherms but with an extremely large uncertainty. As a result, the mean (not shown) shows no significant volume loss or gain at any potential temperature. Although no statistically significant trend was found in our analysis, Meredith et al. (2008) reported a decrease in volume of water colder than 08C in the Scotia Sea between 1995 and 2005 in the A16 data.
Cold water from both the Scotia Sea and directly from the WEB feed the Argentine basin ( Fig. 1 ; Meredith et al. 2008) . A maximum bottom water contraction of 22.2 (62.1) Sv of water below 20.28C is observed there (Fig. 4a , green curve) equivalent to an isotherm fall rate of ;15 m yr 21 , again consistent with observations in the WEB. The first isotherm to span the width of the basin fully is u 5 20.28C. Between 20.28C and the coldest sampled water, a small volume loss is observed (Fig. 4) . Colder than 20.28C, isotherms cascade downward on the south side of the basin, and thus only cover a small volume of water. These waters may be undersampled here. We do not quantify volume changes for u , 20.48C because there are either no data or insufficient data. A full recovery from the bottom water contraction appears to occur by ;28, although for u . 20.158C the volume changes are no longer significantly different from zero (Fig. 4a) . South of the equator, a strong deep thermocline for 18 , u , 28C denotes the vertical interface between the northward flowing AABW and the southward flowing NADW above (e.g., Johnson and Doney 2006) . The DV pattern indicates that the AABW contraction may be compensated by an increase in NADW in the Argentine basin.
Farther to the north, in the Brazil basin (Fig. 1) , we again find significant loss of the deepest, coldest northwardflowing bottom waters. The coldest water to exit the Argentine basin into the Brazil basin is u ' 0.28C, but again, the bottom of the basin is filled with warmer waters, around 0.38C. Here, a loss of 20.6 (60.3) Sv (or a mean isotherm fall rate of 9 m yr 21 ) for waters colder than 0.38C is observed in the deepest water. The contraction continues to a maximum loss of 20.8 (60.3) Sv for waters below 0.868C (Fig. 4a , purple curve) and does not fully recover until above 28C, again near the upper extent of AABW influence (e.g., Johnson and Doney 2006) .
In the west Indian Ocean DWBC (Fig. 1) , bottom water flows out of the WEB into the Crozet basin, followed by the Madagascar basin, Somali basin, and Arabian Sea (e.g., Mantyla and Reid 1995) . While this DWBC is fed by the same source water as the northward flowing western Atlantic DWBC, there are no statistically significant cold u depth changes along this path outside of the WEB, possibly due to a lack of data (Fig.  1) . Changes in this DWBC system are not discussed further here.
In the east Indian Ocean, water above 0.58C flows north out of the Australian-Antarctic basin into the South Australian basin through the Australian-Antarctic Discordance ( Fig. 1; e.g., . Colder than 0.58C, a descent rate of 210 (616) m yr 21 is observed in the Australian-Antarctic basin, suggesting about a 0.18C increase in the coldest bottom water leaving the Australian-Antarctic basin, given the vertical temperature gradient near the basin's northern boundary. The South Australian basin shows a slight loss of ;20.3 Sv of water colder than 0.78C, but it is not significantly different from zero (Fig. 4b) . Any possible contraction is recovered by 1.28C and with a continued positive slope the basin shows a net gain in water by 1.78C. The uncertainties for the DV curve in this basin are large, and none of these results are significant at the 95% confidence level.
The Wharton basin (Fig. 1) , however, does show a statistically significant loss of bottom water (Fig. 4b) . About 4.4-5.8 Sv of water colder than 0.648C flows out of the South Australian basin into the Wharton basin through a gap between the Broken and Naturaliste plateaus . We find a small but statistically significant contraction of 20.1 (60.05) Sv below this u value in the Wharton basin, which shows a maximum decrease of 20.75 (60.4) Sv at 0.88C, again corresponding to the coldest waters to span the whole basin. This bottom water contraction slowly recovers between 0.88 and 1.38C. AABW-derived waters in the Wharton basin cross the mid-Indian ridge into the mid-Indian basin (Warren and Johnson 2002 ), but we find no significant trend of cold bottom water volumes in the mid-Indian basin (not shown).
In the Pacific, water from both the Australian-Antarctic basin and ABB feed the DWBC that flows northward through the southwest Pacific basin ( Fig. 1 ; Whitworth et al. 1999) . The coldest water to enter the southwest Pacific basin has u ; 0.48C, and there is a substantial volume in the basin below 0.68C. The AustralianAntarctic basin and ABB show an isotherm fall rate between 3 and 6 m yr 21 below 0.68C. Subsequently, the Southwest Pacific basin DV profile shows loss of 25 (64.5) Sv of the coldest measured water at 0.548C (Fig. 4c) . Above the large bottom water loss, the isotherms between 0.57 and 0.62 all descend by ;12 m yr 21 , causing a continued significant contraction rate of ;2 Sv, which is recovered by around 18C.
The northward flow of bottom water continues into the Pacific basin (Fig. 1) through the Samoan Passage with deep northward flow estimated at 10.6 (61.7) Sv below u 5 1.18C and 4.8 (60.3) Sv below 0.88C (Roemmich et al. 1996) . Here we find a statistically significant reduction of 23.4 (61.4) Sv below 1.18C and a small change of ;20.1 Sv below 0.88C (Fig. 4c) . Above 1.18C there is a slight recovery, but the curve stays statistically significantly negative, with an isotherm decent of ;0.5 m yr 21 until 58C.
Basin budgets
In steady state, maintenance of the vertical u structure in abyssal basins can be modeled as a balance among the lateral inflow of cold AABW, geothermal heating at the sea floor, vertical mixing with warmer water above, and vertical advection (upwelling). However, the DV curves imply that heat and volume budgets below deep, cold u surfaces are not in steady state in many deep basins. We diagnose these departures from steady state with volume and heat budgets for the Pacific basin below u 5 18C and the Brazil basin below 0.88C and determine how inflowing AABW transport or u, geothermal heating, or vertical mixing would have to change to account for the observed volume and heat changes. We chose these examples because accurate temperature and volume transport estimates are available for these basins below isotherms at which we find significant DVs.
Observed DV values imply ;15% imbalances in the deep basin volume budgets. Morris et al. (2001) estimate the net lateral inflow of water (through several channels) of u , 0.88C into the Brazil basin at 3.70 Sv from current meter data, dominated by a 4.02 Sv inflow through the Vema Channel. Steady-state volume balance would require upwelling at a rate of 3.70 Sv through u 5 0.88C. However, the observed DV of 0.56 Sv at u 5 0.808C (Fig. 4a) requires a 14% reduction of inflow through the Vema Channel to 3.46 Sv or a 15% increase in upwelling to 4.26 Sv. Similarly, Roemmich et al. (1996) found 11.22 Sv of inflow for u , 18C into the Pacific basin through the Samoa Passage and environs. With no lateral outflow of water for u , 18C, upwelling through this surface must also be 11.22 Sv in steady state. The observed DV of 1.98 Sv at u 5 18C (Fig. 4c) requires an 18% reduction of inflow or increase of upwelling.
The extent to which the observed DV changes perturb the steady-state heat budget can be diagnosed following Morris et al. (2001) . By assuming steady-state conservation of volume and heat below cold, deep potential isotherms in the Brazil basin, Morris et al. (2001) estimated vertical diffusion coefficients. We start with a slightly modified steady-state equation (see Table 1 ) that balances lateral transports and upwelling of heat, vertical mixing of heat, and geothermal heating at the sea floor.
An imbalance term, the rate of change in heat storage (Table 1 , rightmost column), is calculated from the DV curves (Fig. 4) below select isotherms (u top ). Since the DV curves are cumulative sums over u intervals they are first differentiated with respect to u, multiplied by u top -u (since water must be heated to u top before exiting the control volume), and then integrated from the bottom up to u top . In both the Pacific and Brazil basins, the timedependent heat storage terms are not negligible compared to the dominant terms in the steady-state budget. In the Pacific basin, the heat storage term is ;6% of the advective or mixing terms and comparable to the geothermal term (Table 1 ). In the Brazil basin, the heat storage term is about 8% of the advective or mixing terms and about four times the magnitude of the geothermal term (Table 1) .
We diagnose the changes in water volume transports through deep passages (U i ), transport-weighted potential temperatures of U i (u i ), k, u z , or Q (Table 1) required to account for the observed changes in heat storage below u top in the Brazil and Pacific basins. These TABLE 1. Heat budget terms (Sv 8C) compared to the observed imbalances for two deep basins. (left to right) The advective term is the sum of all cold water volume transports (U i ) through passages i into or out of the basin, each with transport-weighted potential temperatures (u i ) below a top-bounding potential isotherm (u top ). Upwelling transport through that top surface (W) is derived assuming volume conservation. Values for U i and u i are from Morris et al. (2001) in the Brazil basin and Roemmich et al. (1996) in the Pacific basin. The vertical diffusion term at u top is the product of the vertical diffusivity coefficient (k), the vertical temperature gradient (u z ), and surface area (SA) and is estimated from the residual of the other two steady-state terms. For the geothermal heating term, Q 5 0.05 W m 22 , an average deep-ocean value (Hofmann and Morales Maqueda 2009), is applied over SA, appropriately scaled by density (r) and heat capacity (C p ). Climatological maps (Gouretski and Koltermann 2004) are used to estimate u z , SA, r, and C p for each basin. The imbalance term (rightmost column) is determined by summing the product of ›DV/›u and u top -u from the coldest waters in the basin to u top (see text for further explanation). estimates all assume a new steady-state balance has been reached. First, geothermal heating Q would have to almost double in the Pacific basin and more than quintuple in the Brazil basin to account for the observed changes in heat storage. We know of no evidence or plausible reason that such a change in Q has occurred. In both basin budgets, the heat storage term is about 6% to 8% of the advective and mixing terms. Hence, for the Pacific basin, U i at the Samoa Passage would have to decrease by 0.65 Sv below 18C, from 11.22 to 10.57 Sv, to account for the change in heat storage. For the Brazil basin, U i in the Vema Channel would have to decrease by 0.33 Sv below 0.88C, from 4.02 to 3.69 Sv. Both changes are less than those required to balance volume. Alternatively, u i in the Samoa Passage would have to increase by 0.0138C, from 0.778 to 0.788C, a plausibly small amount. In the Brazil basin, u i through the Vema Channel would have to warm by 0.068C, from 0.038 to 0.098C, broadly consistent with an observed 0.038C decade 21 increase in the coldest u in that channel over recent decades (Zenk and Morozov 2007) .
Changes in k or u z required to account for the observed changes in heat storage (Table 1) 23 8C m 21 to account for the change in heat storage. Such undetectably small changes cannot be ruled out. However, u z increases would be unexpected, since warming bottom waters should decrease u z .
Discussion
Here we have shown a large decrease of the volume of AABW over time in the Southern Ocean, consistent with a slowdown of the bottom, southern limb of the MOC. Classically defined AABW (u # 08C) is largely limited to the Australian-Antarctic basin, ABB, WEB, Argentine basin, Scotia Sea, and Agulhas-Mozambique basin. In these basins, u 5 08C has fallen at a rate of 213.2 (66.7), 211.4 (62.9), 28.1 (64.5), 29.5 (69.6), 28.6 (640.3), and 26.4 (612.1) m yr
21
, respectively. The area-scaled sum of these rates yields an estimated contraction rate of 28.2 (62.6) Sv for water colder than 08C (Table 2) . To the north, along the three bestsampled paths for exporting AABW-derived bottom waters from the Southern Ocean in the lower limb of the MOC, we find a smaller contraction of the volume of the coldest, deepest water. These volume losses suggest a global slowdown of the bottom limb of the MOC. Ventilation time scales along the bottom limb of the MOC from the Southern Ocean to the abyssal North Pacific are of order 1000 years (e.g., DeVries and Primeau 2011), much longer than the time scales of this study. However, previous studies have demonstrated that a reduction of AABW formation around Antarctica can be communicated through the abyss in just decades by planetary waves (e.g., Masuda et al. 2010) . Budget calculations in two well-measured deep basins suggest that the observed bottom water temperature trends could be owing to a change in the transport of bottom water entering the basin.
These results hinge on the assumption that the data analyzed are representative of the deep sampled basins both spatially and temporally over the past few decades. The spatial coverage of the data appears generally good, with most basins analyzed having repeat sections crossing them at roughly even distances, especially in the Southern Ocean (Figs. 1 and 6 ). This assumption of spatial representativeness can be checked by comparing the isotherm height rates of change (›h/›t) [Eq. (1)] along all sections within basins with multiple crossings. For example, in the WEB, the portions of three sections crossing that basin all show a similar pattern and amplitude in their ›h/›t curves (Fig. 5) . On average, isotherms within the WSBW have a descent rate of 222.5 (621.6) and 211.5 (613.4) m yr 21 along A12 and SR04, respectively (Fig. 5) . Within the WSDW, A12, SR04, and I06 exhibit average isotherm descent rates of 23.8 (67.1), 29.4 (64.8), and 216.5 (612.9) m yr 21 , respectively (Fig. 5) . Given the location of the sections (Figs. 1 and 6 ) and their relatively uniform patterns of isotherm descents (Fig. 5) , it seems unlikely that the volume of the coldest waters has remained constant and instead has shifted around this basin because of changes in gyre strength or location, as suggested previously (Fahrbach et al. 2011 ). Furthermore, when the DV curves for this basin and many others are calculated with different subsamples of the sections crossing those basins, there usually are only small variations in the curves.
Second, here we assume that the temporal data coverage is sufficient to capture any trend. For sections with more than two occupations, this assumption usually appears valid (e.g., Fig. 2b ). Although looking for geostrophic transport trends in multiple occupations of a single section can be misleading because variations in a few stations can dominate such a calculation (e.g., Cunningham et al. 2007) , here all the station data from multiple occupations of multiple sections are being averaged over very large areas. This procedure should reduce smaller-scale temporal or spatial noise. Furthermore, our error analysis quantifies the variability within our dataset. In most of the basins presented here, results are statistically significantly different from zero, which suggests that these results are more robust than previous studies of multiple occupations of a single section.
A slowdown of the AABW production rate is consistent with the freshening of shelf waters in AABW formation regions in the Ross and Weddell Seas in recent decades (Aoki et al. 2005; Jacobs and Giulivi 2010; Hellmer et al. 2011) . The surface freshening increases the stability of the water column, making it more difficult for surface waters to sink, possibly causing a slowing of the bottom limb of the MOC (Stouffer et al. 2007 ). In the Ross Sea, the shelf water and RSBW have freshened by ;0.03 and ;0.01 decade
, respectively, between 1958 and 2008 (Jacobs and Giulivi 2010), most likely caused by recent glacial melt along the Amundsen and Bellingshausen Seas freshening the westward flowing coastal current (Rignot et al. 2008; Jacobs and Giulivi 2010) . Along the coast at 1408E and within the central Australian-Antarctic Basin, AABW has also warmed and freshened (Aoki et al. 2005; Johnson et al. 2008a) , again pointing toward a freshening of the shelf water end member of either, or both, RSBW and ALBW. In the Weddell Sea, the northwestern shelf water has freshened by 0.09 between 1989 and 2006, owing to increasing glacial meltwater input, changes in sea ice extent, and higher precipitation (Hellmer et al. 2011) .
The recent positive trend in the Southern Hemisphere annular mode (SAM) has been connected directly and indirectly to AABW formation rates. Because of past ozone depletion, the summertime SAM index has been trending positive since the 1950s and is predicted to continue positive because of global warming (Thompson et al. 2011) . A positive trend in the SAM is associated with stronger and more poleward westerly winds over the Southern Ocean (Gillett and Thompson 2003; Arblaster and Meehl 2006; Thompson et al. 2011) and southward migration of the ACC with associated warming (Gille 2008) . Even though the SAM trend is only significant during the summer months and AABW is formed during winter, SAM changes may contribute to increased glacial melt, a southward shift in the ACC, warmer temperatures, and increased precipitation over the Southern Ocean. Given the time scales involved with these phenomena, summer SAM changes could be linked to the observed slowdown of AABW. Further, models have shown the strengthening and the southward migration of westerlies is tied to a net increase of inflow of NADW into the South Atlantic (e.g., Oke and England 2004) and an increase in the northward Ekman transport, which leads to a strengthening of CDW upwelling (e.g., Russell et al. 2006) , consistent with our results. Finally, models have also demonstrated that SAM variability can lead to changes in ice formation and melting connected directly to bottom water formation (Gordon et al. 2007; Klinger and Cruz 2009; Kirkman and Bitz 2011) .
In addition to a slowdown in AABW formation rates, shifts in other physical processes could also have contributed to the observed AABW volume loss. First, geothermal heating could have increased and warmed AABW. We have no reason to believe geothermal heating in the Southern Ocean has increased dramatically in the past several decades. In more northerly basins, Q would have to increase unrealistically to account for observed heat storage changes (section 6).
Second, one might argue that the same amount of AABW is being produced, but is now warmer and fresher, hence lighter. As noted above, shelf water components of AABW have freshened in recent decades, linked to freshening of ALBW and RSBW (Aoki et al. 2005; Jacobs and Giulivi 2010) . In addition, the shelf water entrains adjacent waters as it descends the continental slope to form AABW. Therefore, recently reported warming of adjacent water masses such as CDW (e.g., Bö ning et al. 2008) or changes in entrainment rates could also affect AABW properties. Indeed, a southward surge of CDW to replace the reduction in AABW, suggested by our calculations, could affect AABW properties. However, if the AABW changes were in its properties and not its formation rate, the DV curves in the southernmost basins would exhibit a sharp negative spike centered around the change in u of the AABW, which is not observed (Fig. 4) .
Third, a small change in mixing rates could produce a basin-wide deep warming (e.g., section 6). However, we know of no reason to believe mixing rates have changed over recent decades. Of course, if AABW formation rates have slowed, AABW residence times within these basins could increase, at least while the system adjusts, allowing more time for AABW to mix with overlying waters even if the mixing coefficient does not change. In this respect, the rates of AABW volume changes estimated here can be thought of as an upper bound on changes in formation rates because mixing may account for some of the changes during any adjustment period.
Here we have suggested that AABW formation has decreased by as much as 28.2 (62.6) Sv for the period 1993-2006 relative to some previous time period, without addressing the absolute values of AABW formation or when that previous time period might be. How much AABW is being produced presently and how much was produced in the past? While roughly 20 Sv of deep water of Southern Ocean origin has been exported northward in the bottom limb of the MOC in recent decades according to CFC inventories (Orsi et al. 2002) and inverse models (Ganachaud and Wunsch 2000; Sloyan and Rintoul 2001; Lumpkin and Speer 2007) , a more relevant formation rate estimate for the classic definition of AABW (roughly u , 08C) is 8.1-9.4 Sv from a CFC inventory (Orsi et al. 1999 ). This inventory-based estimate is centered around 1980 and gives a rough residence time of 120 years using a climatological volume for u , 08C (although the concept of a reference time becomes complex when both the ventilation rate and reservoir volume are changing). If the 8.1-9.4 Sv AABW production rate is representative of earlier decades, our results would seem to imply that AABW production rates have slowed to near zero during the period 1993-2006. Since measurements show AABW is still being produced during these times (e.g., Gordon et al. 2001; Whitworth and Orsi 2006; Williams et al. 2008) this conclusion seems unlikely.
It may be more reasonable to suspect that AABW production rates were already lower around 1980 than in previous decades, so that earlier pure AABW formation could have as much as double the CFC inventory estimate, as supported by the following two arguments. First, a similar NADW formation rate estimate (LeBel et al. 2008 ) is twice that for pure AABW and about equal for the total contribution of Southern Hemisphere waters to the bottom limb of the MOC, but these southern bottom waters fill about 1.7 times more of the ocean volume than NADW , suggesting that over the past millennia or so AABW formation rates may have been on average larger than NADW formation rates. Second, as discussed above, the SAM index has been rising at least since the 1950s and may be associated with a reduction in AABW production rates. Therefore, AABW production rates may have started declining from previous larger values as early as the 1950s.
